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Formation of Cloud Droplets 
 
General aspects of cloud and precipitation formation  
 
  Phase changes of water are basic to cloud microphysics. The possible changes are 
as follows: 
          vapor liquid      (condensation, evaporation) 
          liquid        solid      (freezing, melting) 
          vapor        solid      (deposition, sublimation) 
 
The changes in the direction from left to right in this pattern correspond to increasing 
molecular order. These transitions do not occur at thermodynamic equilibrium, but in 
the presence of strong free energy barrier. Water droplets, for example, are 
characterized by strong surface tension forces. For a droplet to form by condensation 
from the vapor, the surface tension must be overcome by a strong gradient of vapor 
pressure. It is a fact of cloud physics that the phase transitions of most interest, the 
cloud forming processes, are those that do not occur at equilibrium. 
 
 The Clausius-Clapeyron equation describes the equilibrium condition for a 
thermodynamic system consisting of bulk water and its vapor. Saturation is defined as 
the equilibrium situation in which the rates of evaporation and condensation are equal. 
For small droplets, however, because of the free energy barrier, phase transition does 
not generally occur at the equilibrium saturation of bulk water. In other words, if a 
sample of moist air is cooled adiabatically to the equilibrium saturation point for bulk 
water, droplets should not be expected to form. In fact, water droplets do begin to 
condense in pure water vapor only when the relative humidity reaches several 
hundred percent! 
 
  The classical problem of cloud physics is to explain why cloud droplets are 
observed to form in the atmosphere when ascending air just reaches equilibrium 
saturation. The answer has been known for nearly a century, and rests in the fact that 
the atmosphere contains significant concentrations of particles of micron and 
submicron size which have an affinity for water and serve as centers for condensation. 
These particles are called condensation nuclei. The process by which water droplets 
form on nuclei from the vapor phase is called heterogeneous nucleation. The 
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formation of droplets from the vapor in a pure environment, which requires high 
supersaturations and is not important in the atmosphere, is called homogeneous 
nucleation. All processes in which a free energy barrier must be overcome, such as 
vapor to liquid or liquid to ice transitions, are termed nucleation processes. 
 
  Many different types of condensation nuclei are present in the atmosphere. Some 
become wetted at relative humidities less than 100% and account for the haze that 
impedes visibility. The relatively large condensation nuclei are those that may grow to 
cloud droplet size. As moist air is cooled in adiabatic ascent, the relative humidity 
approaches 100%. The more hygroscopic members of the nucleus population then 
begin to serve as centers of condensation. If ascent continues, supersaturation is 
produced by the cooling and is depleted by the condensation on nuclei. By 
supersaturation is meant the excess of relative humidity over the equilibrium value of 
100%. Thus air with a relative humidity of 101.5% has a supersaturation of 1.5%. In 
clouds, there are usually enough nuclei present to keep the supersaturation from rising 
much above about 1%. It is an important characteristic of the atmosphere that there 
are always condensation nuclei present to provide for cloud formation when the 
relative humidity barely exceeds 100%. 
 
  As a cloud continues to ascend, its top may eventually be cooled to temperatures 
below 0oC. The water droplets in the cloud are then said to be supercooled, and they 
may or may not freeze, depending upon whether ice nuclei are present. For pure water 
droplets, homogeneous freezing does not occur until a temperature of about –40oC is 
reached. When suitable nuclei are present, however, freezing can occur at just a few 
degrees below zero. Although these aerosols are not completely understood, it is 
significant that they are rather scarce in the atmosphere, unlike the abundant 
condensation nuclei. Consequently supersaturaions of more than a few tenths of a 
percent are extremely uncommon in the atmosphere, although water droplets in 
supercooled form are the regular state of affairs. Supercoolings down to -15oC or 
colder are not uncommon. For this reason one of the main methods of artificially 
modifying clouds is the addition of ice nuclei, as we shall see later. 
 
  A cloud is an assembly of tiny droplets usually numbering several hundred per 
cubic centimeter and having radii of about 10 μm. This structure is extremely stable as 
a rule; the droplets show little tendency to come together or to change their sizes 
except by general growth of the whole population. Precipitation develops when the 
cloud population becomes unstable, and some drops grow at the expense of others. 
There are two mechanisms whereby a cloud microstructure may become unstable. 
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The first is the direct collision and coalescence (sticking) of water droplets and may 
be important in any cloud. The second mechanism requires the interaction between 
water droplets and ice crystals and is confined to those clouds whose tops extend to 
temperatures colder than 0oC. 
 
  From analysis of the aerodynamic forces it is found that very small droplets cannot 
readily be made to collide. A small drop falling through a cloud of still smaller 
droplets will collide with only a minute fraction of the droplets in its path if its radius 
is less than about 18 μm. Therefore it is expected that clouds which contain negligible 
numbers of drops larger than 18 μm will be relatively stable with respect to growth by 
coalescence. Clouds with considerable numbers of larger drops may develop 
precipitation. 
 
  When an ice crystal exists in the presence of a large number of supercooled water 
droplets the situation is immediately unstable. The equilibrium vapor pressure over 
ice is less than that over water at the same temperature and consequently the ice 
crystal grows by diffusion of vapor and the drops evaporate to compensate for this. 
The vapor transfer depends on the difference in equilibrium vapor pressure of water 
and ice and is most efficient at about -15oC. 
 
  Once the ice crystal has grown by diffusion to a size appreciably larger than the 
water droplets, it begins to fall relative to them and collisions become possible. If the 
collisions are mainly with other ice crystals snowflakes form; if water droplets are 
collected graupel or hail may form. Once the particle falls below the 0oC level melting 
can occur, and the particle may emerge from cloud base as a raindrop 
indistinguishable from one formed by coalescence. In cold weather, or when large 
hailstones are formed, the particle may of course reach the ground unmelted. 
 
  The particles of interest in cloud physics have a wide range of size, concentration, 
and fall velocity. Figure 6.1 compares these properties for the particles important for 
condensation and precipitation processes. Noteworthy are the vast differences in size 
between a typical condensation nucleus and a cloud drop, and between cloud drop and 
raindrop. To account for the production of natural rain the growth processes must be 
fast enough to get from condensation nucleus to raindrop in about 20 min. 
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FIG. 6.1.  Comparative sizes, concentrations, and terminal fall velocities of some of the particles 

included in cloud and precipitation processes. (From McDonald, 1958.) 

 
 
Nucleation of liquid water in water vapor 
 
  The problem of nucleation may be stated as follows: How readily can chance 
collisions and aggregations of water molecules lead to the formation of an embryonic 
droplet that will be stable and continue to exist under given environmental conditions? 
 
  The embryonic droplet will be stable if its size exceeds a certain critical value. On 
the average, droplets larger than the critical size grow while those that are smaller 
decay. What determines the critical size is the balance between the opposing rates of 
growth and decay. These rates, in turn, depend upon whether the droplet forms in free 
space (homogeneous nucleation) or in contact with another body (heterogeneous 
nucleation). For the homogeneous nucleation of pure water, the growth rate depends 
upon the partial pressure of water vapor in the surroundings because this determines 
the rate at which water molecules impinge upon the droplet. The decay process, 
evaporation, depends strongly upon the temperature of the droplet and its surface 
tension. Molecules at the surface of the drop must obtain sufficient energy to 
overcome the binding forces if they are to escape. If equilibrium is established 
between the liquid and its vapor, the rates of condensation and evaporation are exactly 
balanced and the vapor pressure is equal to the equilibrium or saturation vapor 
pressure. But the equilibrium vapor pressure over a droplet’s surface depends upon its 
curvature and is given by 
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es(r)= es(∞)exp(2σ/rRvρLT)                      (6.1) 
where es(r) is the saturation vapor pressure over the surface of a spherical droplet of 
radius r with surface tension σ and density ρ L at temperature T. Rv is the gas constant 
for water vapor and es(∞) is the saturation vapor pressure over bulk water-the 
quantity most readily measured. Note that as the size of the drop decreases, the vapor 
pressure required for equilibrium with it increases. This equation was first derived by 
William Thomson (1870) (later Lord Kelvin), in slightly different form, to explain the 
rise of liquids in capillary tubes. 
 
  The surface tension σ is the free energy per unit surface area of the liquid. It can be 
defined as the work per unit area required to extend the surface of the liquid at 
constant temperature. Because work is the product of force and distance, work per 
unit area has units of force per unit length. The surface tension of water is 
approximately 7.5×10-2 N/m for meteorological temperatures. (See problem 6.9.) 
 
  The net rate of growth of a droplet of radius r is proportional to the difference e – 
es(r), where e denotes the actual ambient vapor pressure. Drops with radii such the e – 
es(r) < 0 tend to decay while those with radii such that e – es(r) > 0 tend to grow. The 
critical size rc is defined as the radius for which e – es(rc) = 0, or e= 
es(∞)exp(2σ/rcRvρLT). Hence  
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where S = e/es(∞) denotes the saturation ratio. For a droplet to be stable which 
formed by chance collisions among water molecules, it must grow to a radius larger 
than rc. The following table (Table 6.1) gives values of the critical droplet radius and 
the number of molecules in the critical droplet for various saturation ratios at 0oC.  
 
  The table shows that high supersaturations are required for very small droplets to 
be stable. For example, when the supersaturation is 1%, corresponding to S = 1.01, 
droplets with radii smaller than 0.121 μm are unstable and will tend to evaporate. 
 
  In homogeneous nucleation, droplets of critical size are formed by random 
collisions of water molecules. If these droplets capture another molecule, they become 
supercritical; that is, with increasing size, es(r) decreases and the rate of growth 
(which is proportional to e – es(r)) increases. Supercritical droplets therefore grow 
spontaneously. The rate of nucleation is simply the rate at which supercritical droplets 
are formed and is given by the product of the concentration of critical droplets and the 
rate at which a critical droplet gains another molecule and becomes supercritical. 
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TABLE 6.1. Radii and Number of Molecules in Droplets of Pure Water in 
Equilibrium with the Vapor at 0oC 

 

Saturation ratio Critical radius Number of molecules 
S rc(μm) N 

1 ∞ ∞ 
1.01 1.208×10-1 2.468×108

1.10 1.261×10-2 2.807×105

1.5 2.964×10-3 3.645×103

2 1.734×10-3 730 
3 1.094×10-3 183 
4 8.671×10-4 91 
5 7.468×10-4 58 
10 5.221×10-4 20 

 
From statistical thermodynamics the nucleation rate per unit volume is determined to 
be given approximately by  
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Where m is the mass of a water molecule, k is Boltzmann’s constant, and n is the 
number density of vapor molecules. The factor Z denotes the Zeldovich or 
non-equilibrium factor, which has a numerical value in the order of 10-2 when all 
quantities are measured in CGS units. By substituting (6.2) for rc in (6.3), J is 
expressed as a function of S and T. An important characteristic of this relation is that, 
for a given temperature, the nucleation rate increases from undetectably small values 
to extremely large values over a very narrow range of S. By convention, the threshold 
defining a significant rate of homogeneous nucleation is taken to be 1 cm-3 s-1. Events 
occurring at this rate are readily observable in experiments. The value of S 
corresponding to J = 1 cm-3 s-1 is called the critical saturation ratio Sc. Theory and 
experimental data (Miller et al., 1983) show that Sc decreases with increasing 
temperature, having a value of approximately 4.3 at 273 K, 6.3 at 250 K, and 3.5 at 
290 K. Such large saturation ratios are never observed in the atmosphere, where 
supersaturations rarely exceed 1 or 2%. Homogeneous nucleation of liquid water from 
its vapor is not possible in these conditions. 
 
  In the atmosphere cloud droplets form on the aerosols called condensation nuclei or 
hygroscopic nuclei. The rate of droplet formation is determined by the number of 
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these nuclei present, and not by collision statistics. In general, aerosols can be 
classified according to their affinity for water as hygroscopic, neutral, or hydrophobic. 
Nucleation on a neutral aerosol requires about the same supersaturation as 
homogeneous nucleation. On a hydrophobic aerosol particle, which resists wetting, 
nucleation is more difficult and requires even higher supersaturations. But for the 
hygroscopic particles, which are soluble and have an affinity for water, the 
supersaturation required for droplet formation can be much less than its value for 
homogeneous nucleation. 
 
  A nonvolatile dissolved substance tends to lower the equilibrium vapor pressure of 
a liquid. Very roughly, the effect may be thought of as arising from the fact that, when 
solute is added to a liquid, some of the liquid molecules that were in the surface layer 
are replaced by solute molecules. If the vapor pressure of the solute is less than that of 
the solvent, the vapor pressure is reduced in proportion to the amount of solute 
present. This effect can drastically lower the equilibrium vapor pressure over a droplet; 
the result is that a solution droplet can be in equilibrium with an environment at much 
lower supersaturation than a pure water droplet of the same size. 
 
  For a plane water surface the reduction in vapor pressure due to the presence of a 
nonvolatile solute may be expressed 
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where is the equilibrium vapor pressure over a solution consisting of ne′ 0 molecules 
of water and n molecules of solute. This is known as Raoult’s Law. For dilute 
solutions, n << n0 and  
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For solutions in which the dissolved molecules are dissociated, (6.4) must be modified 
by multiplying n by the factor i, the degree of ionic dissociation. Low (1969) 
explained that the factor i, which is called the van’t Hoff factor, may be determined 
from the coefficient of ionic activity, a more fundamental quantity for which abundant 
experimental data are available. He tabulated values of i over a range of 
concentrations for eight electrolytes, including sodium chloride and ammonium 
sulfate, which are important as cloud nuclei. For both, ≈i 2 appears to be a 
reasonable approximation to use in calculations in the absence of more precise 
information. 
 
  The number of effective ions in a solute of mass M is given by  
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                            n = iN0M/ms

where N0 is Avogadro’s number (the number of molecules per mole) and ms is the 
molecular weight of the solute. The number of water molecules in mass m may 
likewise be written 
                               n0 = N0m/mv

Writing for the mass of water Lrm ρπ 3

3
4

= , we note that (6.4) can now be expressed 

as                   
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where b = 3imvM/4πρLms. 
 
  Kelvin’s equation (6.1) and the solution effect are combined to give for the 
equilibrium vapor-pressure of a solution droplet )(res′
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where a = 2σ/ρLRvT. For r not too small, a good approximation to this equation is 
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In this approximate form, a/r may be thought of as a “curvature term” which 
expresses the increase in saturation ratio over a droplet as compared to a plane surface. 
The term b/r3 may be called the “solution term”, for it shows the reduction in vapor 
pressure due to the presence of a dissolved substance. Numerically, a 3.3×10≈ -5/T (cm) 
and b 4.3iM/m≈ s (cm3). For given values of T, M, and ms, (6.6) describes the 
dependence of saturation ratio on the size of a solution droplet. The resultant curve is 
called a Köhler curve, an example of which is illustrated in Fig. 6.2. 
 
  The curve shows that the solution effect dominates when the radius is small, so that 
a very small solution droplet is in equilibrium with the vapor at relative humidities 
less than 100%. If the relative humidity is increased a small amount, the droplet will 
grow until it reaches equilibrium once again. This process of increasing the ambient 
humidity and allowing the droplet to grow to equilibrium size can be continued up to 
the relative humidity of 100% and slightly beyond. Finally the critical saturation ratio 
S* is reached that corresponds to the peak of the Köhler curve—in this example a 
supersaturation of 0.6%, corresponding to a critical radius r* of 0.13 μm. Up to this 
point the relative humidity had to be increased for the droplet to grow. But notice that 
if the relative humidity slightly exceeds S*, enabling the droplet to grow beyond r*, 
its equilibrium saturation ratio falls below S*. Consequently the vapor will diffuse to 

 6-8



the droplet and it will continue to grow without the need for further increase in the 
ambient saturation ratio. Up to size r*, which for most droplets is between 0.1 and 1 
μm, the droplet is in a stable equilibrium with its environment: any change in 
saturation ratio causes the droplet either to grow or evaporate until again reaching 
equilibrium. Beyond r* the equilibrium is unstable. 

 
FIG. 6.2  Equilibrium saturation ratio of a solution droplet formed on an ammonium sulfate 

condensation nucleus of mass 10-16 g. 

 
TABLE 6.2 Values of r* and (S*–1) as Functions of Nucleus Mass and Radius, 

assuming NaCl Spheres at a Temperature of 273oK 
Mass of dissolved    

Salt (g) rs(μm) r*(μm) (S*-1) (%) 
10-16 0.0223 0.19 0.42 
10-15 0.0179 0.61 0.13 
10-14 0.103 1.9 0.042 
10-13 0.223 6.1 0.013 
10-12 0.479 19 0.0042 

 
Any change in saturation ratio causes the droplet to grow or evaporate but to deviate 
further from the size for equilibrium. When smaller than r* and in stable equilibrium, 
a droplet is called a haze particle. A condensation nucleus is said to be “activated” 
when the droplet formed around it reaches the size r*. Once the droplet exceeds this 
size it will continue to grow to cloud droplet size if the ambient saturation ratio 
remains at a value above the equilibrium curve. In actual clouds the growth does not 
continue indefinitely because many droplets are present, which compete for the 
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available vapor and tend to lower the saturation ration once the condensation becomes 
more rapid than the production of supersaturation. 
 
  The critical values of radius and saturation ratio can be derived form the 
approximate expression (6.6) and are given by  

                            abr 3* =                            (6.7) 

                            baS 2741 3* +=                      (6.8) 

Table 6.2 gives examples of critical radii and supersaturations for droplets formed on 
sodium chloride nuclei. 
 
 
Atmospheric condensation nuclei 
 
  Aerosol particles, some of which are hygroscopic, are formed by the condensation 
of gases or by the disintegration of liquid or solid material. Particles formed by 
condensation are usually spherical. Others may be crystals, fibers, agglomerates, or 
irregular fragments. For convenience, all are often described in terms of an equivalent 
spherical diameter, which is the diameter of a sphere having the same volume as the 
aerosol particle. The particles range in size from about 10-3 μm diameter for small 
clusters of a few molecules to more than 10 μm for large salt, dust, and combustion 
particles. 
 
  According to Brock (1972), about 75% of the total mass of aerosol material in the 
atmosphere is accounted for by natural and anthropogenic primary sources such as 
wind-generated dust (20%), sea spray (40%), forest fires (10%), and combustion and 
other industrial operations (5%). The remaining 25% is attributed to secondary 
sources which involve conversion of gaseous constituents of the atmosphere to small 
particles by photochemical and other chemical processes. Chief among the gases that 
react to form particulates are SO2, NO2, olefins, and NH3. Regardless of their 
mechanism of introduction, atmospheric aerosols continually undergo many chemical 
and physical transformations, including coagulation, condensation, scavenging, 
washout, sedimentation, dispersion, and mixing. 
 
  Any given sample of aerosols usually contains particles with a broad range of size. 
By convention, particles in the range 0.2 μm < D < 2 μm are called large aerosols and 
those larger than 2 μm are called giant aerosols. Particles smaller than 0.2 μm in 
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diameter, which include the overwhelming majority of atmospheric aerosols, are 
called Aitken particles, after the Scottish physicist of the last century who developed 
instruments for observing aerosol particles. These categories of particle size were 
introduced when the practice was to describe aerosol size by radius instead of 
diameter. 
 
  In an Aitken particle counter, versions of which are still in use today, a sample of 
air is drawn into a chamber, humidified, and subjected to a sudden expansion. The 
expansion causes a supersaturation typically of a hundred per cent of more, activating 
most of the aerosol particles to form a cloud of small water droplets. In modern 
instruments the concentration of droplets is estimated automatically from a 
measurement of the attenuation of a beam of light across the cloud chamber. Only a 
very small fraction of the aerosols activated in an Aitken counter are important in 
natural clouds, because supersaturations in the free atmosphere are thought only rarely 
to exceed 1%. 
 
  Aerosol concentrations—expressed as the number of particles per unit volume of 
space—are highly variable in time and position. Concentrations are greatest near the 
ground and near obvious sources, such as cities, industrial sites, fires, or active 
volcanoes. A rather high value is 105 cm-3, which may be taken as a typical 
concentration in polluted air. Values can be one or two orders of magnitude higher 
close to the sources of aerosol particles, and several orders of magnitude lower in 
clean air. Aerosol mass concentrations, even in heavily polluted air, are usually less 
than 1000 μg/m3. 
 
  The size distribution of particles in an aerosol sample may be described by the 
distribution function nν(ν), with the property that nν(ν)dν is the number of particles per 
unit volume of air whose sizes are between ν and ν + dν in volume. With sizes 
expressed as the diameter of equivolume spheres, the appropriate distribution function 
is nd(D), with the property that nd(D)dD is the number of particles per unit volume 
whose diameters are between D and D + dD. Because the number of particles in a 
given size interval must be the same regardless of the scale on which the size is 
measured, the two size distribution functions are related by  
                         nd(D)dD = nν(ν)dν                         (6.9) 
The relation between volume and equivalent spherical diameter is  
                                                        6/3Dπν =
Therefore the particle size distribution with diameter the distributed variable may be 
written in terms of the basic distribution function nν as 
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Similarly, a particle size distribution can be defined with surface area as the 
distributed variable.  
 
  The number of particles per unit volume with diameter smaller than D is  
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where  is a dummy variable of integration that stands for diameter. The function 
N(D) is called the cumulative distribution of particle diameter. Clearly  
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  Because of the wide range over which particle sizes can vary, it is convenient to use 
a logarithmic scale. One method is to plot log nd versus log D. Another is to define a 
distribution function nl(D) such that nl(D)d(log D) is the number of particles per unit 
volume whose diameters are in the interval d(log D). In terms of the cumulative 
distribution function, 
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From (6.12), it follows that 
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which is the relation between the distribution function nl(D) for logarithmic 
increments of diameter and the function nd(D) for linear increments. 
 
  Plots of log nl(D) versus log D for aerosol particles can sometimes be fit by straight 
lines over a limited range of diameter. This implies a power law dependence of nl on 
D of the form  

                                                   (6.15) β−= cDDnl )(

where c is a constant and –β is the slope of the straight line. β = 3 is often cited as 
typical over the diameter range from about 10-1 to 10μm; aerosol populations having 
this form are said to follow a Junge distribution, after the atmospheric chemist 
Christian Junge, an authority on aerosols. From (6.14), it is seen that a power law of 
the form (6.15) for nl(D) corresponds to a power law for nd(D) given by 

)1(

)10(ln
)( +−= βDcDnd  
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  The differences among aerosol samples are emphasized by comparing the 
contributions of given size intervals to the total particulate volume or surface area 
rather than to the total number of particles. For example, the surface area of particles 
with diameters smaller than D is given by  
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The contribution of particles in d(log D) to the surface area is  
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Similarly, the volume of particles with diameters smaller than D is  
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and the contribution of particles in d(log D) to the volume is  
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  Figure 6.3 shows the size distributions of aerosols collected by airplane over a 
north-central region of the United States (Miles City, Montana). 
 

 

 
FIG. 6.3  Size distributions of aerosol particles measured by airplane in the lower troposphere. The 

same data are plotted three ways. The envelopes indicate the variability of the observations. (Adapted 
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from Hobbs et al., 1985.) 

The hatching defines an envelope that includes many individual samples. The data are 
plotted three ways: as distributions of particle number dN/d(log D), surface area 
dS/d(log D), and volume dV/d(log D). the Junge distribution or any other power law 
provides only a crude fit to the data and is unable to capture the inflection points, 
maxima, and minima, which are conspicuous features of the volume and surface area 
distributions. The maximum in these distributions between 0.1 and 1 μm is called the 
accumulation mode; that between 10 and 20 μm is called the coarse particle mode. 
Not evident here is another mode near 10-2 μm occasionally observed near industrial 
centers and other sources of combustion, called the nucleation mode. 
   
  The accumulation mode is explained by the tendency of particles smaller than 0.1 
μm to collide with one another as a result of Brownian motion and to clump together. 
The large particle mode is dominated by dust, combustion products, and sea spray, 
and depends on surface wind speed and distance from the sources of the particulates. 
An upper limit to the sizes is established by sedimentation, which preferentially 
removes the larger particles from the distribution. 
 

 

 
FIG. 6.4. Indealized aerosol spectra, showing typical ground-level background distributions and the 

general dependence of the spectra on height, wind speed, distance from source, and surface heating. 

(From Slimn, 1975.) 

 6-14



   
The most important removal process for aerosol particles is precipitation. Some 
particles serve as centers for cloud condensation; other are captured by droplets as 
they continue to grow by diffusion from the vapor, or are swept out by falling 
precipitation particles. All such particles are lost from the aerosol population, 
although new aerosols are created as residue from evaporating cloud and precipitation 
particles. 
 
  Figure 6.4 is a schematic illustration of aerosol particle size distributions that typify 
different background and extreme conditions. The coagulation mode between 0.1 and 
1 μm is evident in most of the distributions representative of conditions near the 
ground. The coarse particle mode (diameter > 10 μm) is pronounced in samples that 
are influenced by nearby combustion sources or high winds, which stir up dust from 
the ground. 
 
  From the entire aerosol population, the particles thought to be most important in 
natural cloud formation are those in the accumulation mode, which corresponds 
approximately to the size interval of the so-called large aerosols. Particles smaller 
than about 0.1 μm, even if hygroscopic, would require higher saturation ratios than 
those thought to exist in the free atmosphere to be activated. Particles larger than 4 or 
5 μm are much fewer in number (except near sources) but may serve as nuclei for 
some of the cloud droplets that are much larger than average size. 
 
  The chemical composition of cloud-forming nuclei is difficult to infer because they 
comprise such a small fraction of the total atmospheric aerosol population. Evidence 
indicates that sea salt is the predominant constituent of condensation nuclei in the size 
range above 1 μm. The main component of the important range between 0.1 and 1 μm 
diameter is thought to be sulfate, which may be present either as sulfuric acid or 
combined as a salt such as ammonium sulfate. 
 
A useful way to describe the cloud forming propensity of an aerosol population is by 
its activity spectrum, which is the number of particles per unit volume that are 
activated to become cloud droplets, expressed as a function of the supersaturation. 
Such spectra are measured using cloud chambers in which slight supersaturations can 
be achieved and accurately controlled. An air sample is brought into the chamber and 
the supersaturation is fixed at a low value, typically a few tenths of a percent. By 
optical means the number of nuclei that grow to activation size are observed and 
counted. Counts are taken at steps of increasing supersaturation, usually over the 
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range from about 0.3% to 1%. The nuclei activated in this way are called cloud 
condensation nuclei (CCN). They are the subset of the total aerosol population that 
can account for the formation of natural clouds. The nucleus counts may often be 
approximated by the power-law relation 
                           Nc = Csk                              (6.20) 
Where s = (S-1)× 100% is the percent supersaturation, Nc is the number of nuclei per 
unit volume activated at supersaturations less than s, and C and k are parameters that 
depend on the airmass type. Typical ranges are, for maritime air, C = 30 to 300 cm-3, k 
= 0.3 to 1.0; for continental air, C = 300 to 3000 cm-3, k = 0.2 to 2.0. 
 
  Condensation nuclei of some sort are always present in the atmosphere in ample 
numbers: clouds form whenever there are vertical air motions and sufficient moisture. 
However, in some marginal cases precipitation is more likely to occur when the 
nucleus population consists of a few large particles instead of many small particles. 
 
  Some of the ways of measuring atmospheric nuclei are inappropriate for the needs 
of cloud physics. For example, Aitken nucleus counts, as obtained with an expansion 
chamber counter, are essentially counts of all the condensation nuclei in an 
atmospheric sample. Supersaturations of several hundred per cent may be created in 
such instruments, activated at supersaturations less than a few per cent.  
 
  Assuming an activity spectrum of the form (6.20), Twomey (1959) showed that the 
droplet concentration N formed in an updraft of speed U can be expressed in terms of 
U, C, and k. For k between 0.4 and 1.0, his result may be approximated by  
                                   (6.21) )2/(2/32)2/(2 ]107[88.0 +−+ ×≈ kkk UCN
where N is in cm-3 and U is in cm/s. Twomey also obtained an expression for the peak 
supersaturation in the updraft, which may be approximated by  

                                   (6.22) )2/(12/33
max ]/)106.1[(6.3 +−×≈ kCUs

Comparisons of activity spectra with observed droplet spectra provide experimental 
confirmation of the close relation between the nucleus population and the resulting 
cloud droplets. The development of a cloud after its formative stage, and in particular 
the amount and character of precipitation produced, is controlled more by large-scale 
phenomena, such as updraft speed and moisture supply, than by its microphysical 
structure. But to some extent the microstructure determines how susceptible a cloud is 
to producing precipitation, and how much time is required for the precipitation to 
form. 
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Problems 
 
6.1.  The following table, from Friedlander (1977, p. 9), gives the times required for 

the concentration of aerosol particles of 0.1 μm diameter to decrease by 
coagulation. Listed are the times for the concentration, initially equal to N0, to 
fall to one-tenth that value. 

 
N0(cm-3) 108 107 106 105

t1/10 2min 20min 3.5h 35h 
 
Show that these data are consistent with the following formula for the reduction 
of aerosol concentration by coagulation: 

2kN
dt
dN

−=  

   solve for the value of k from the data. 
 

6.2.  A haze droplet is activated to form a cloud droplet when the ambient saturation 
ration exceeds the critical value S* and the droplet radius exceeds r*. At this 
point the original condensation nucleus may be assumed to be completely 
dissolved in the droplet. Prove that, for a given hygrosocopic material and a 
fixed temperature, the concentration of the solution when r = r* is stronger for 
small condensation nuclei than for large ones. Evaluate the concentration, in 
units of mass of salt per unit mass of water, for sodium chloride nuclei ranging 
from 10-19 to 10-14 g. 

 
6.3  Consider two cloud droplets, one formed on a sodium chloride nucleus of mass 

10-16 g, the other on an ammonium sulfate nucleus of the same mass. Calculate 
the critical size r* and saturation ration S* for each droplet, assuming a 
temperature of 280 K. For any radius r, let S1(r) denote the equilibrium saturation 
ratio of the droplet formed on sodium chloride and S2(r) denote the equilibrium 
saturation ratio of the droplet formed on ammonium sulfate. For r > r*2, the 
activation size of the ammonium sulfate droplet, show that (S2-S1) and S2/S1 
decrease monotonically with increasing r to the limits 0 and 1, respectively. 
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6.4  A given population of aerosol particles may be approximated as a Junge 

distribution extending from 0.1 μm to 10 μm in diameter. That is,  

⎩
⎨
⎧

≤≤
=

− mDmcD
Dnl μμ 101.0,

otherwise,0
)( 3  

    If the total volume of these aerosols is 10-9 cm3 per cm3 of air, solve for the 
number density of aerosols in cm-3 and their total surface area in cm2/ cm3. 

 
6.5  In an Aitken nucleus counter, an air sample is drawn into a chamber, humidified, 

and suddenly expanded. The expansion creates a high value of supersaturation, 
activating the nuclei with thresholds below this value. Suppose the air is initially 
saturated at temperature T0 and expands adiabatically into a volume Ω times 
larger than the initial volume. Neglecting any condensation during the expansion 
process, solve for the supersaturation as a function of the initial temperature T0 
and the expansion ratio Ω. Show that the supersaturation is approximately 220% 
for an expansion ratio of 1.2 and an initial temperature of 15oC. 

 
6.6  Thermal gradient diffusion chambers are used to establish an experimental 

environment with a known and precisely adjustable level of supersaturation for 
studies in heterogeneous nucleation of the liquid phase. Such a chamber is 
indicated schematically below. 

 

    The top and bottom surfaces are kept moist at temperatures T2 and T1, 
respectively, with T2 > T1. The temperature difference across the chamber is thus 
T2 - T1 and the vapor density difference is vapor density difference is ρv(T2)- 
ρv(T1), where ρv(T) denotes the saturation vapor density at temperature T. In a 
steady state, heat and vapor flow from the warm upper surface to the cool bottom 
surface and the profiles of temperature and vapor density are linear. That is , the 
temperature gradient is (T2 - T1)/H and the vapor density gradient is [ρv(T2)- 
ρv(T1)]H, and both are constant for 0 < x < H. 
(a) In the steady state, prove that the chamber is supersaturated at all positions x 

such that 0 < x < H. 
(b) Show that if the temperature difference is small [(T2 - T1) << T1], the 
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maximum supersaturation is located approximately midway between the 
upper and lower surfaces. 

(c) Assuming T1 = 273 K, solve for the maximum supersaturation as function of 
T1 over the range 273 K < T2 < 283 K. 

 
6.7  An air sample contains aerosol particles of sodium chloride with sizes ranging 

form D0 to Dmax and distributed according to the Junge form of problem 6.4. 
Nucleus counts are taken in a thermal-gradient diffusion chamber by observing 
the number of droplets that are activated as a function of the supersaturation. If 
Dmax >> D0, show that the number of activated droplets is related to 
supersaturation by N∝ s2. 

 
6.8  The terminal velocity (settling speed) of a spherical aerosol particle of diameter 

D is given to good approximation by Stokes Law, 

μ
ρ

18

2 gD
u p

p =  

    where ρp is the density of the particle and μ is the dynamic viscosity of the air 
(see Table 7.1, p. 103). Derive an expression for the rate of sedimentation of 
aerosol material from the air in units of mass per unit area and time. For the 
aerosol sample of problem 6.4, assume a density of 2 g/cm3 and calculate the 
sedimentation rate in units of μgm-224h-1. 

 
6.9  Over the temperature range from –20oC to +20oC laboratory data indicate that 

the surface tension of water varies inversely with temperature. The data can be 
accurately approximated by the formula σ = c1T + c2, where c1 = -1.55 × 10-4J 
m-2K-1 and c2 = 0.118 J m-2, with T in K. Use this expression for σ in (6.1) and 
solve for the droplet size that must be exceeded if es(r) is to increase with 
increasing temperature. Show that all embryonic water droplets exceed this size. 

 
6.10  Cloud droplet begin to form on a population of condensation nuclei as the 

saturation ratio is gradually increased, with temperature held constant. The 
nuclei have the same chemical composition but a broad range of sizes. Droplets 
are activated with radii r* = 0.5 μm when the supersaturation reaches 0.15%. 
Droplets continue to be activated as the supersaturation is raised to 1%. Solve 
for r* corresponding to a supersaturation of 1%. Also solve for the temperature. 
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